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ABSTRACT. Marine transport of inorganic and organic carbon is 
simulated by means of a computer model in which the oceans are 
divided into a high and low latitude region. Water transport 
(and with it carbon transport) is reproduced 1) as downwelling 
of surface waters at low latitudes, and 2) in general, as 
different depth-dependent turbulent diffusion ir14both deep-sea 
regions. The model is calibrated with pre-bb C and1 alida- 
ted against perturbations of total carbon, C/C- and C/C- 
ratios; it is compatible with carbon release from fossil fuels 
and from biogenic sources. 

INTRODUCTION 

In view of possibly serious climatic consequences of in- 
creased atmospheric CO2 (greenhouse-effect), efforts have been 
made to model the cycling of carbon through the global environ- 
ment. The reliability of a simulation model is increased 
according to the number of independent observations it can 
verify. A major problem is whether the terrestrial biota are 
to be regarded as a source or a sink for additional atmospheric 
CO2. The model presented here has been developed to account for 
at least part of an additional. CO2 input into the atmosphere 
resulting from forest destruction and desertification. 

ATMOSPHERE AND BIOSPHERE 

The model atmosphere is subdivided into tropospheric and 
stratospheric parts. The total atmospheric CO2 content in the 
initial stationary state was taken to be 608Gt C ( 285ppm). 
Exchange between the two atmospheric compartments is linearly 
donor-controlled with a stratosphere-to-troposphere exchange 
time of 2 years (Machta, 1973). Data for fossil fuel input 
into the troposphere is taken from Rotty (1981) fc the time 
period 1860-1974(Fig 1). Natural production of C in the 
stratosphere (P (t)) is assumed time dependent according to 
the variation oaka indices (Stuiver and Quay, 1980); 
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Fig 1. A(813C) in response to total carbon inputs into the troposphere 

(solid line 
.... = fossil fuel release 

0000 = net biogenic input as introduced into the model calculations 

(Fb,net) 

.... = total biogenic release (Fb,tot) 

QOO = 2 Fb,net as estimated in Kohlmaier et al (1981) 

0 : earth's surface 5.1.1018cm2, 0: 31.6106sec/a, 
NA: 

Agadro's numbelr4 
14 14 

Po 
: stationary C production. The bomb 

14C 
production (Pb (t)) 

is taken from Killough (1980). The total C production is then 

14(t) 
= 

P14 
(t) + 

P14 
P (t) (1b) 

nat b 

Since the description of the oceanic part of the global 

carbon cycle is our primary concern here, only a summary of the 

terrestrial biosphere part will be given (see Kohlmaier et al, 

1981, for details). The terrestrial biota are subdivided into 

five major biomes (tropical forests, tropical grasslands, extra- 

tropical forests, extra-tropical grasslands and deserts) each 

consisting of living biomasS and humus. In order to model 

regrowth of cleared forest areas, the living biomass of these 

biomes was further subdivided into 20 compartments that extend 

over varying areas each representing a certain growth state. 

Under such assumptions we can model a steady state for a 

constant forest clearing rate. The total amount of CO2 released 

through the perturbation of the biota is 
Fb,tot, 

the net flux 
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to the atmosphere resulting from deforestation (Fb ) is then 
given by the difference between F and the net'ecosystem b, tot production (Fb 

NEP 
) (fig 1). 

, 

Non-tropical forests are assumed to be affected by wild- 
fires and clearings, whereas tropical forest areas are diminished 
by commercial clearings and increased permanent agriculture. 
Tropical forest areas cleared for shifting cultivation are 
assumed to be regrown, and soil erosion and charcoal formation 
are accounted for (Buringh, 1979; Seiler and Crutzen, 1980). 
Former model calculations (Kohlmaier et al, 1981) yielded a 
total net biospheric input of ca 2Gt C/aluring 1980. Best 
agreement with the measured atmospheric C data is obtained, 
if 50 2 of this input is introduced into the model calculations. 

OCEANS 

The model ocean consists of two regions of high (c) and low (1) 
latitudes, respectively (fig 2). 
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Fig 2. Compartments and fluxes in the atmosphere-ocean-sub-system of 
the carbon cycle model 
1 = ocean region of warm surface water or low latitudes 
c = ocean region of cold surface water or high latitudes 
s = surface ocean compartments 
d = deep sea 

Fbcd' Fbld 
sinking of biogenic matter and dissolution in the high 
and low latitudes deep sea, respectively 

Fhcl = horizontal flux due to water mass movement 

wc, w1 = sinking and upwelling velocities 

Kc, K1 = 
eIdy diffusion constants in the deep sea of high and low 
latitudes, respectively 
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The subdivision represents 1) different CO2 uptake behaviors 

of cold and warm surface waters resulting in a net flux of CO2 

from equatorial oceans via the atmosphere to high latitudes 

surface waters, 2) different turbulent diffusivities in each 

deep sea region, 3) advection, i e, the sinking of cold surface 

water of high latitudes which spreads into low latitudes in the 

deep sea where it upwells. The surface water compartments are 

connected by fluxes in either direction, the difference of 

which corresponds to the net deep circulation of water masses. 

In the computer model it is possible to set the boundary 

latitude between the two ocean regions alternatively at either 

40, 50, or 600N and S, respectively, but only one model with an 

ocean subdivision at 400 is presented here. This model structure 

does not take into account that regions of deep water formation 

are rather restricted, nor does it show that at least part of 

the surface water that sinks is not derived from horizontally 

admixed surface water but from deeper layers and thus n only 
partlly reach isotopic equilibrium with atmospheric C/C 

and C/C. 

The depth of both surface compartments is chosen as 75m. 

The depth interval from 75 to 1000m has been subdivided into 

37 compartments in each region, each extending over a depth of 

25m. The deep sea from 1000 to 6000 m is represented by 10 com- 

partments 500m deep in each region (Oeschger et al, 1975). The 

volume of each compartment in either region is determined from 

the hypsometric curve according to Menard and Smith (1966). 

Exchange between atmosphere and 

the respective CO2 partial pressures: 
oceans is proportional to 

Ftc 
- Gc/Vm.pt Fct Gc/Vm pcs 

b) 
( 

Ftl 
= 

Gl 
Um 

pt 
F 
lt Vm pls 

G 

V solar volume, 0.0224m3/mole, G , 
C1: total gas exchange (in 

m 
m /a) in either ocean region, where 

Gc 
+ 

G1 
= G. 

The CO2 partial pressures in the surface ocean compartments 

are calculated from the corresponding C considering the 
chemical equilibria which determine the pH in surface waters 

(calculation procedure, see Bacastow, 1981). Temperatures of 11 

and 25 C, respectively, in either surface compartment directly 

influence solubility and other equilibrium constants. 

Fluxes of isotopes 
13C 

and 
14C 

from compartment i to j are 

generally formulated as 

F13 
= a13 

Q13 
F 

F14 
= 
Q4 F (3a,b) 

lj lj i lj iJ i iJ 
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a13 = corrected fractionation factor for 
13C; Q13 

= isotopic 1] 
13 13 ratio of mole numbers n /n or concentrations c /c (n and c 

refer to total carbon) 
Q14 

= isotopic ratio for 
14C/C 

from fractionation corrected 
014C 

values: 
Q14 

= (014C/1000 + 1).Q14 
14 4 _ _2 std 

Q1d 1.176.101 Karlen et al, 1964); F. = total carbon flux 

a13 is derived from a13 according to 
1] i] 

a13 = a13/[1-(1-a13),Q.13 1 (4) 
1J ii ij 10 

0 = stationary state, a13 and cx13 are calculated according to 
Vogel, Grootes and Mooktc(197O),tyielding corrected values of 
0.99837 and 0.99842 for high and low latitudes, respectivel_ 
Considering isotopic equilibration among C02, HCO3 and CO3 

, 

as given by Emrich, Ehhalt and Vogel (1970), leads to values 

for a13 (0.98872) and a13 (0.99028). 
ct It 

Variation of total carbon content (in mole numbers n) in 
deep-sea compartment, i, of either region is described as: 

ncd(1) Fad,c(i) Fad,c(i+1) 
Fhcl(i) 

Fdiff,c(i) 
+ 

Fdiff,c(i+1) 
+ 

Fbcd 
(5a) 

nld(1) Fad 
1(i+1) 

Fad 
,l(i) + Fhcl(i) 

+ 
Fdiff,1(i+1) Fdiff,l(i) 

+ Fbld(i) (5h) 

Vertical advection fluxes are denoted by F 
d, 

horizontal fluxes 
being F ; Fd 

are turbulent diffusion IuxeS and 
Fh representlthetransport of biogenic matter to the deep sea and 

its subsequent dissolution. Indices, i, refer to the upper 
boundary of compartment, i. The individual fluxes are 

Fadc(i) = Wd(i) ccd(i-1) 
Fad 

1(i) = Wd(i) cld(i) (6a,b) 

Fhcl(i) [Wd(1) - Wd(i+1)] ccd(i) (6c) 

Fdiff,c(i) 
K Os h(i) Kc(i)[ccd(i) ccd(i-1)]/Az(i) (6d) 

Fdiff,l(i) (1-K)0sh(i) Kl(i)[cld(i) cld(i-1)]/Az(1) (6e) 

Wd(i) is the water mass passing through the upper boundary area 
0 h(i), such that Wd(i) = K 0 h(i) wc(i) = (1-K) Os h(i) w1(i) 
were K is the ratio of high atitudes region to total ocean 
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surface area (0.332); wc(i) and wl(i) are downwelling and up- 
welling velocity, respectively. Kc(i) and K1(i) are turbulent 

diffusion constants. The boundary conditions for the two bottom 

compartments are: 

Wd(i+1) = 0, Kc(i+1) = 0, Kl(i+1) = 0 (7a-c) 

The related differential equati s for 
13C 

and 
14C 

di er sig- 

nifica t4ly in two ways: 1) for C, the decay term Ancd(i) 

and nld(i) must be added, 2) the isotopic composition of the 

biogenic flux is always assumed proportional to the respective 

biotic isotopic ratios. 

The time behavior of the surface compartments can now be 
described by: 

ncs Ftc Fct 
+ 

Flcs Fcls Fad,c(1) 
+ 

Fdiff,c(1) Fcsb 

nls Ftl Flt 
+ 

Fcls Flcs 
+ 

Fad,l(1) 
+ 

Fdiff,l(1) Flsb 

(8a,b) 

where 
Fcls 

and 
Flcs 

denote the horizontal fluxes connecting the 

surface compartments. 

Fcls Wcls ccs Flcs Wlcs cls 
(9a,b) 

Wlcs Wcls 
Wd(1) (9c) 

Fcsb Fbcd(1) Flsb 
Fbld(i) (9d e) 

1 1 

According to equations (5a,b) and (6a-e), the concentrations 
for the stationary state (n 

d0 n1d0 
0) in compartments 

(i-1) can be derived from tie stationary concentrations in 

compartments i t2d (i+1). Under consideration of the additional 
decay term for C analogue equations yield the stationary 
concentrations for the rare carbon isotopes. From boundary 
conditions (7) follows that, once a set of bottom concentrations 
for each of the state variables is given, all stationary deep- 
sea and surface-ocean compartment concentrations can be com- 

puted subsequently. 

The calibration of the model deep-sea proceeds as follows: 
1) Dth-dependent functions for Wd(i) and Kc(i) arelssumed. 
2) A C(47) is varied so that a certain value for A1sOC 

resuldO ts. 
3) 

Fbcd(j)3 
is varied to reproduce data for c 

d 
(z). 

4 is varied in such a way that the resulting 
13 

C(47) 
aa0 

A C faIs within the range of 1.5-2.5%o. 
cs0 
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5) K1(i) is determined for each compartment separately by vary- 
ingt4s numerical value to agree with a prescribed depth profile 
of dldoC (i) , 

(fig 4). 
6) Fbld(i) is varied to approx ately reproduce 

cldO(i) 
which 

may lead to major changes in D C(i) so that 5) has to be 
1d0 repe ed. 

7) f C(47) is varied to reproduce a prescribed 
b13 

C(i) depth 1d0 profi ee. 

1) Wd(z) is assumed a function with two inflection points, 
one at 1000 and one at 4000m, reflecting both intermediate and 
deep water spreading into the low latitudes deep sea. Equal 
volumes of intermediate and deep water are formed per unit time. 
A value of 15Sv for the deep-water formation is adopted here 
which is on the low end of the respective estimation range 
(Dietrich et al, 1975; Arons and Stommel, 1967; Weiss, Ostlund 
and Craig,19739; Broecker, Peng and Engh, 1980), On the whole, 
3OSv (= 10 m /a) are assumed to sink down in high latitudes 
resulting in an upwelling velocity of ca 5m/a in low latitudes 
just below the surface compartment. 

K (z) is described by 
c 

Kc(z) = 105m2/a exp(-z/SOOm) (10) 

yielding a depth-averaged K = 8330 m2/a, 
c 

2) As disc4ssed below, the model requires the assumption 
of a value of A 

s0C 
= -35%o, This can be explained by the fact 

that the model goes not allow for relatively "old" high-lati- 
tude deep water to upwell and become part of the surface water 
in this region. 

3) c 
aa0(z) 

is taken from Takahashi, Broecker and Brainbridge 
(1981, taTe3S-14, GEOSECS Antarctic data), A mean wat r density 
of 1.026g/cm was used to convert mmoles k to moles m . F i /g / bcd() and Fbld(i) are normalized exponential functions (table 1)C 

4) A stationary value of S13 C = -20 % is used. 
14 

5) AldaC(i) for the depth range from 1000 to 6000m is cal- 
culated asan area weighted mean of the GEOSECS data (Stuiver, 
Ostlund and McConnaughey, 1981) for the Atlantic and Pacific 
ocean (50°N to 50°S), These layers are probably1eft essentially 
unaffected by perturbations of the ay ospheric C/C ratio. 
From the pre-industrial values for 

dls0c 
estimated by Stuiver 

(1980) (-402o) and determined from corals (Druffel and Linnick, 
18) (-50%o) the average of -45%o is adopted here. To obtain 
AldOC(i) for 75 to 1000m depth, a smooth curve connecting the 
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TABLE 1. Transfer coefficients of deep-sea model for 75 and 

1000m 

z Kc Kl , 

(m) (m 2/a) (m /a) 

75 100,000 8000 5 

1000 16 , 500 800 

Fcsb 
24Gt C/a 

75% NPP 
oc 

Flsb 
8.4Gt C/a 

6000m 

f F (z)dz = 1.25Gt C/a 

z=1000m 
6000m 

bcd 
3.3% NPP 

oc 

f 
Fbld(z)dz 

= 0.18Gt C/a 

z=1000m 
NPP : marine net primary production (De Vooys, 1979: 43.5GtC/a) 

oc 
25% NPP are dissolved in the surface ocean. 

oc 

d14 
C values of the lower layers with A14 C is constructed. 

TIis curve can be varied t obtain a Ki 
the 

distribution on that 
1 

into best reproduces the bomb C input 

6) 
cl 

0(z) is taken as an area weighted mean of the data 

of Takahas i, Broecker and Bainbridge (1981). As in 3), a mean 

water density of .026g/cm3 is used. 7) According to Craig 1 
(1970), a mean 

i 
C = -15%o is inserted, which means that ca 

s 
30% of the dissove material is CaCO3. 

The stationar'4state assumption for the entire ocean with 

respect to %C and C is then used in calibrating atmosphere 

ocean exchange: 

1 (1a 0 = G/U ' /U p G /V p G 
m 1s0 m pa0 cs0 m c 1 

14 14 14 14, 
,Q ,p - G/V Q - An 0 = G/V m Qt0 pa0 

_ G 
c 
/V m 0'P 0 l m 1s0p1s0 oc,0 

(n114 
4 

0' 
total stationary 

14C 
inventory in the oceans) 

Because of G = 
G1 

+ Gc, equations (11a,b) yield: 

(11b) 

G _ U , .n14 , {Q14 _ Q14 . (p _ p )p 
m oc,0 t0pa0 cs0 ls0 a0 cs0 

1s0 a0 cs0 ls0 ls0 cs0 

The water mass transport from low high latitudes is calcula- 

ted using a stationary state for ncs0: 
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W = {F14 - F14 - 14 14 , A 0 h Z(1) K (1)/ K lcs ct0 tc0 s 

+ 
n14 

+ 
F14 

}/(c14 - 
c14 

) cs0 csb 1sO cs0 (13) 

Since p s0 
and 

p1s0 
are essentially unknown, an iterative pro- 

cedure eglnning with arbitrary values for p and p is 
employed to obtain stationarity for atmosp re0and surfaace 
ocean compartments with respect to %(, and C. The entire at- 
mosphere-ocean model is th run without perturbation for 360 
years to yield stationai C/C ratios which may also slightly 
shift 

pcs0' p1s0, 
and AO C values. 

The calculated atmosphere ocean exchange time T = 6.7a 
corresponds to a stationary exchage flux of 90.9Gta or a 
mean CO2 exchange of 20.9 moles/m /a. The value for T given 
here is to be compared with 5 to (15+5)a (Broecker ansPeng, 
1974; Oeschger et al, 1975; Peng et al, 1979), the center of 
estimates being between 6-8a. For the stationary state 

F1t0 Ft10 
3.9Gt C/a is calculated. 

TABLE 2. Quantities related to 

pcs0 
242ppm 

plso 
= 302ppm 

Ftc0 
26Gt C/a 

Ft10 
64.9Gt C/a 

FctO 
22.1Gt C/a 

FltO 
68.8Gt C/a 

Tts 
= 5.7a T =6.7a 

as 
W = 0.1791015m3/a W = 1 3091015m3/a cls . 

lcs 

RESULTS AND DISCUSSION 

As stated above, the atmospheric initial partial pressure 
and the biospheric input were13chosen to reproduce the tropo- 
sheric partial pressure and t C. The average CO2 partial 
pressure as measured at Mauna Loa and at the South Pole (Ba- 
castow and Keeling, 1981) was 316ppm in 1959 and 334.3ppm in 
1978. The model calculations yield values of 314.2ppm for 1959 
and 337.1ppm for 1978. Whereas the measured average airborne 
fraction with respect to fossil input was 49.3%, the airborne 
fraction as obtained from the model is 42.2%. For the entire 
calculation (1860-1980), an airborne fraction of 49.6% results. 

f13C 
shows a difference of -0.57%o between 1956 and 1978 

which s within the uncert i3nty range of (-0,65 + 0.13)%o as 
obtained from atmospheric C measurements (Keeling, Bacastow, 
and Tans, 1980)13Clearly, the biogenic model input can be in- 
creased for A(St C) to closer approach -0.65%o for the period 
in question, but then agreement with the atmospheric CO2 par- 

atmosphere-ocean-exchange 
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Fig 3. A14C in troposphere (At0) and low latitudes surface ocean 
(A14C) in response to bomb 14C input (solid lines); envelopes of 

si8ificant data for the troposphere (....) and for surface ocean 
(- - - --) (Nydal, Lovseth, and Skogseth, 1980); ooo = coral measure- 

ments (Druffel and Linick, 1978). 

tial pressure data would be decreased. The A(3C) for the 

period 1860 - 1940 is -0.48%o which neither agrees with 

Freyer's (1979) tree-ring measurements (-1.6%o) nor with 

Francey's (1981) (0%o). 

The model response1o the 
14C 

bomb input is shown in 
+ 

- figure 3, which shows A C in the troposphere and the low la 

titudes surface ocean as calculated. The agreement with data 

observed for the troposphere seems good although the1 alcula- 

ted values lie at the lower end of the data range. A1sC is 

significantly lower than the coral measurements. In view of 

the broad band of data, however, higher reliility cannot be 
expected. In general, the model response to C perturbations 

is characterized by a more pronounced relaxation than is ob- 

served. This may be explained by, at least, one of the follow- 

ing: 1) K is assumed too large; 2) in contrast to the real 

ocean, cod surface water is described as attaining nearly 

perfect isotopic4equili1r3ium with the atmosphere,lt4hereby 

taking up more C and C than observed; 3) the C bomb in- 

put, as estimated by Killough (1980), is too small. 1) and 2) 

lead to an overemphasized uptake capacity of the high latitudes 

deep sea. 
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Fig 4. Depth distribution of A14C in low latitudes for a stationary 
stage (solid line) and for the year 1973 (. . .) as compared to 
averages of the GEOSECS data (Stuiver and Quay, 1980) ( ). 

The behavior of bomb 
14C 

in the low latitudes deep sea calculated from the model is given in figure 4; the agreement 
s 

with the GEOSECS to for 1973 seems good, 1he Suess effect is calculated as A(0t C) _ _18.6%o in 1950 (At0C = 0.6fo) which should be compared to the results of tree-ring measurements of 
-21%o (Lerman, Mook, and Vogel, 1970) and ca -23%o (De Jong 
and Mook, 1982), 

REFERENCES 

Arons, AB and Stommel, H, 1967, On the abyssal circulation of 
the world ocean - III. An advection lateral mixing model of 
the distribution of a tracer property in an ocean basin: 
Deep-Sea Research, v 14, p 441-457. 

Bacastow, R, 1981, Numerical evaluation of the evasion factor, 
in Bolin, B, ed, Carbon cycle modelling: New York, John 
Wiley & Sons, p 95-101. 

Bacastow, R and Keeling, CD, 1981, Atmospheric carbon dioxide 
concentration and the observed airborne fraction, in Bolin, 
B, ed, Carbon cycle modelling: New York, John Wiley & Sons, 
p 103-112. 

Broecker, WS and Peng, T-H, 1974, Gas exchange rates between 
air and sea: Tellus, v 26, p 21-35. 

Broecker, WS, Peng, T-H, and Engh, R, 1980, Modelling the 



470 Oceanography 

carbon cycle, in Stuiver, M and Kra, RS, eds, Internatl 
14C 

Conf, 10th, Proc: Radiocarbon, v 22, no 3, p 565-598. 

Buringh, P, 1979, Decline of organic carbon in soils of the 

world, Paper SCOPE conf The role of the terrestrial vegeta- 

tion in the global carbon cycle: Woods Hole, Massachusetts. 

Craig, H, 1970, Abyssal carbon 13 in the south pacific: Jour 

Geophys Research, v 75, p 691-695 

Dietrich, G, Kalle, K, Kraus, W, and Siedler, G, 1975, Allge- 

meine Meereskunde: Berlin, Borntraeger, 

Druffel, EM and Linick, TB, 1978, Radiocarbon in annual coral 

rings of Florida: Geophys Research Letters, v 5, p 913-916. 

Emrich, K, Ehhalt, ]H, and Vogel, JC, 1970, Carbon isotope 

fractionation during the precipitation of calcium carbonate: 

Earth Planetary Sci Letters, v 8, p 363-371. 

Francey, RJ 319, Tasmanian tree rings belie suggested anthro- 
pogenic Cl C trends Nature, v 290, p 232-235. 13 

FreYer HD, 1979, On the 
3C 

record in tree rings I. C vari- 

ations in northern hemispheric trees during the last 150 

years: Tellus, v 31, p 124-137. 

de Jong, AFM, and Mook, WG, 1982, An anomalous Suess effect 

above Europe: Nature, v 298, p 641-644. 

Karlen, I, Olsson, IU, Kallenberg, P, and Killici, S41964, 
Absolut determination of the activity of the two C dating 

standards: Arkiv Geofysik, v 4, p 465-471. 

Keeling, CD B astow, RB, and Tans, PP, 1980, Predicted shift 

in the Cl C ratio of atmospheric carbon dioxide: Geophys 

Research Letters, v 7, p 505-508. 

Killough, GG, 1980, A dynamic model for estimatin4radiation 

dose to the world population from releases of C to the 

atmosphere: Health Physics, v 38, p 269-300. 

Kohlmaier, GH, Kratz, G, BrUhl, H, and Sire, E0, 1981, The 

source-sink function of the terrestrial biota within the 

global carbon cycle, in Mitsch, WJ, Bossermann, RW, and 

Klopatek, JM, eds, Energy and ecological modelling: Amster- 

dam, Elsevier, p 57-68. 

Lerman, JC, Mook, WG, and Vogel, JC, 1970, C14 in tree rings 

from different localities, in Olsson, IU, ed, Radiocarbon 

variations and absolute chronology, New York, John Wiley & 

Sons, Stockholm, Almqvist & Wiksell, p 257-299. 

Machta, L, 1973, Prediction of CO2 in the atmosphere, in Wood- 

well, GM, and Pecan, EV, eds, carbon and the biosphere: US 

Atomic Energy Comm, NTIS, Springfield, Virginia, 

CONF-720510, p 21-30. 

Menard, HW, and Smith, SM, 1966, Hypsometry of ocean basin pro- 

vinces: Jour Geophys Research, v 71, p 4305-4325. 

Nyd, R, Lovseth, K, and Skogseth, FH, 1980, Transfer of bomb 

surface in Stuiver M and Kra, RS, eds, 
C to thel2cean 

Internatl C Conf, 10th, Proc: Radiocarbon, v 22, no 3, 

p 626-635. 



Carbon Exchange Between Atmosphere and Oceans 471 

Oeschger, H, Siegenthaler, U, Schotterer, U, and Gugelmann, A 1975, A box diffusion model to study the carbon dioxide ex change in nature: Tellus, v 27, p 168-192. 
Peng, TH, Broecker, WS, Mathieu, GG, and Li, YH, 1979, Radon evasion rates in the Atlantic and Pacific oceans as deter- mined during the GEOSECS program: Jour Geophys Research, 

v 84, p 2471-2486. 
Rotty, RM, 1981, Data for global CO22 production from fossil 

fuels and cement, in Bolin, B, ed, Carbon cycle modelling: 
New York, John Wile y Sons y p 121-125. 

Seiler, W, and Crutzen, PJ, 1980, Estimates of gross and net 
fluxes of carbon between the biosphere and the atmosphere 
from biomass buing: Climatic Change, v 2, p 207-247. Stuiver, M, 1980, C distribution in the Atlantic ocean: Jour Geophys Research, v 85, p 2711-2718. 

Stuiver, M, Ostlund, HG,1nd McConnaughey, TA, 1981, GEOSECS 
Atlantic and Pacific C distribution, in Bolin, B, ed, Carbon cycle modelling: New York, John Wiley & Sons, p 201 -221. 

Stuiver, M and Quay, PD, 1980, Changes in atmospheric carbon- 
14 attributed to a variable sun: Science, v 207, p 11-19. Takahashi, T, Broecker, WS, and Bainbridge, AE, 1981, Supple- 
ment to the alkalinity and total carbon dioxide concentra- 
tion in the world oceans, in Bolin, B, ed, Carbon cycle 
modelling: New York, John Wiley & Sons, p 159-199. Vogel, JC, Grootes, PM, and Mook, WG, 1970, Isotopic fractio- 
nation between gaseous and dissolved carbon dioxide: Zeit- 
schr. Physik, v 230, p 225-238. 

de Vooys, CGN, 1981, Primary production in aquatic environments, 
in Bolin, B, Degens, ET, Kempe, S, and Ketner, P, eds, The 
global carbon cycle: New York, John Wiley & Sons, p 259-92. Werss, RF, Ostlund, HG, and Craig, H, 1979, Geochemical studies 
of the Weddell Sea: Deep Sea Research, v 26a, p 1093-1120. 


	azu_radiocarbon_v25_n2_459_m.pdf
	azu_radiocarbon_v25_n2_460_m.pdf
	azu_radiocarbon_v25_n2_461_m.pdf
	azu_radiocarbon_v25_n2_462_m.pdf
	azu_radiocarbon_v25_n2_463_m.pdf
	azu_radiocarbon_v25_n2_464_m.pdf
	azu_radiocarbon_v25_n2_465_m.pdf
	azu_radiocarbon_v25_n2_466_m.pdf
	azu_radiocarbon_v25_n2_467_m.pdf
	azu_radiocarbon_v25_n2_468_m.pdf
	azu_radiocarbon_v25_n2_469_m.pdf
	azu_radiocarbon_v25_n2_470_m.pdf
	azu_radiocarbon_v25_n2_471_m.pdf

